Abstract Vertical deformation of extensional provinces varies significantly and in seemingly contradictory ways. Sparse but robust geodetic, seismic, and geologic observations in the Basin and Range province of the western United States indicate that immediately after an earthquake, vertical change primarily occurs as subsidence of the normal fault hanging wall. A few decades later, a ±100 km wide zone is symmetrically uplifted. The preserved topography of long-term rifting shows bent and tilted footwall flanks rising high above deep basins. We develop finite element models subjected to extensional and gravitational forces to study time-varying deformation associated with normal faulting. We replicate observations with a model that has a weak upper mantle overlain by a stronger lower crust and a breakable elastic upper crust. A 60°d ipping normal fault cuts through the upper crust and extends through the lower crust to simulate an underlying shear zone. Stretching the model under gravity demonstrates that asymmetric slip via collapse of the hanging wall is a natural consequence of coseismic deformation. Focused flow in the upper mantle imposed by deformation of the lower crust localizes uplift under the footwall; the breakable upper crust is a necessary model feature to replicate footwall bending over the observed width (<10 km), which is predicted to take place within 1-2 decades after each large earthquake. Thus the best-preserved topographic signature of rifting is expected to occur early in the postseismic period. The relatively stronger lower crust in our models is necessary to replicate broader postseismic uplift that is observed geodetically in subsequent decades.
Introduction
It is common to neglect gravity and assume that fault-block mountains like those of the Basin and Range province of the western United States or the rift valleys of Africa shift up or down symmetrically [e.g., Segall, 2010 (p. 283) ; Okada, 1992] with each incremental earthquake along the normal faults that separate mountain blocks from basin blocks. But coseismic observations are strongly at odds with this simple concept of symmetrical uplift and subsidence across the fault. Observed coseismic displacement of the 1954 Dixie Valley, Nevada, and the 1983 Borah Peak, Idaho, earthquakes is highly asymmetric: the basin drops but the mountain is comparatively stable. This coseismic displacement also requires transfer of mass horizontally away from the fault/discontinuity as the accumulated elastic extension of the upper crust is suddenly relieved by fault slip, elastic contraction, and a resulting slight increase in relative density in broad regions on both sides of the fault [e.g., Hampel and Hetzel, 2015] . The resultant gravitational unloading of the fault zone produces a postseismic isostatic arching observed half a century after the Dixie Valley earthquake that is much broader than the scale of basins and ranges. One of our modeling objectives is to examine the extent to which short-term (decadal) postseismic deformation, a period when the buoyant forces of footwall unloading are largest but for which there are no reliable observations, may produce footwall uplift.
In addition to the sparse coseismic and postseismic observations, the abundant geological record supplies a third set of reliable observations. Because the coseismic displacements in large ground breaking earthquakes are on the order of meters and the observed geologic displacements are on the order of kilometers, multiseismic displacements in the hundreds or thousands are required over geologic time to build the tilted ranges and basins of the present landscape [e.g., King et al., 1988] . We focus our study on the faulting, tilting, and folding that created the present basin-range morphology, primarily during the last 10-15 million years, although earlier deformation, including metamorphic core complexes and normal faults of a different orientation, within the ranges is common. The multiseismic uplift of ranges or subsidence of basins is relative and not easily referenced to sea level as are the geodetically measured coseismic displacements and postseismic broad arching. For example, a fault block could be tilted to form a range and a basin either by subsidence of THOMPSON AND PARSONS VERTICAL DEFORMATION FROM EXTENSION 1 the basin side or uplift of the mountainside. Moreover, a growing consensus that the Basin and Range region was once high like the Altiplano of the Andes [e.g., DeCelles, 2004; Dickinson, 2006; Cassel et al., 2014] and has been subsiding regionally during late Cenozoic extension to its present mean elevation of about 1.5 km suggests that the basins have been going down more than the ranges have been going up. One of our objectives is to model and assess the process in order to evaluate the relative importance of localized range uplift and basin subsidence. Not included in the modeling is amplification of the tilting by erosion of the high side and deposition on the low side, nonsteady state deformation, and/or changing thermal conditions.
Elevated rift shoulders, in general, are relevant to the process. Plateaus bordered by rifts usually have elevated margins, and it is simpler to postulate that most of this structural relief is caused by uplift of the margins rather than subsidence of the entire plateau. The Colorado Plateau, for example, has uplifted margins, such as the Wasatch Range at the boundary with the Basin and Range province. The African rifts have uplifted margins, and many of the streams drain away from the rift margins toward the interior of the plateau. A particularly good example of stream reversal on the eastern flank of the western rift in Africa is illustrated and discussed by Holmes [1965 Holmes [ , p.1057 Holmes [ -1059 . It was also in Africa where Vening Meinesz [1950] first analyzed the isostatic forces produced by footwall unloading in a strong crust accompanying normal faulting and thus supplied a clear mechanism for footwall uplift producing the elevated rift shoulders. Footwall bending and uplift also characterizes the northwestern boundary of the Basin and Range province, where the Warner Range and Surprise Valley supply unusually good stratigraphic and geophysical evidence for use in modeling.
Observations
Here we outline the key observations we seek to explain with numerical models. The structural effect on the topography in extensional systems differs depending on the period examined. We begin with coseismic observations taken in 1954 and 1955 just before and after the December 1954 M = 7.2 Fairview Peak and M = 6.5 Dixie Valley earthquakes and also identify other observational cases, though these are sparse because the recurrence intervals tend to be long. We then discuss postseismic geodetic measurements and, finally, geologic characteristics that result from repeated slip episodes.
The 1954 Earthquake Series
Four oblique slip M ≥ 6 earthquakes occurred during the last half of 1954 in the central Nevada seismic belt ( Figure 1 ) [Doser, 1986] . The first two earthquakes happened on the Rainbow Mountain fault, west of Dixie Valley: a 6 July M = 6.2 shock and a 24 August M = 6.5 event. About 4 months later on 16 December, the M = 7.5 oblique slip Fairview Peak and M = 6.5 Dixie Valley earthquakes ruptured just 4 min and 20 s apart. The Dixie Valley event was primarily a dip-slip normal faulting earthquake. These earthquakes are part of a larger chain of events that began with the 1915 M = 7.6 Pleasant Valley earthquake to the north and the 1932 M = 7.2 Cedar Mountain shock to the south [Doser, 1988] .
Coseismic Observations
A fortuitous circumstance led to a tight temporally constrained set of geodetic observations associated with the 1954 earthquake series. The United States Coast and Geodetic Survey extended a triangulation survey into central Nevada during the summer of 1954, some of which was measured prior to the July-December earthquake series [Whitten, 1957] . The same team reoccupied the sites during the following summer of 1955. Importantly, the sites were all releveled during the follow up campaign. Meister et al. [1968] reported on these results as they pertained to coseismic strain, of which the vertical component is reprised in Figure 1 . These observations may include some immediate postseismic deformation, but we refer to them as "coseismic" to differentiate them from longer-term geodetic observations. A key observation is that most of the vertical coseismic deformation occurred as subsidence of the hanging wall, whereas the footwall position remained almost unchanged; this was determined from profiles that crossed the Fairview and Dixie Valley faults ( Figure 1 ) [Whitten, 1957; Meister et al., 1968; Koseluk and Bischke, 1981; Hodgkinson et al., 1996] .
Additional examples are sparse, but consistent with the Dixie Valley case. First-and second-order measures of elevation changes were recorded after the 1983 M = 7.0 Borah Peak normal fault earthquake in Idaho that was compared with 1933 and 1948 surveys at the same benchmarks. Differencing by Stein and Barrientos [1985] is shown in Figure 1 . Modeling of the Borah Peak and Hebgen Lake earthquakes [Dempsey et al., 2012] also demonstrates the predominance of subsidence. Geodetic observations taken shortly after the 1981 Gulf of
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Corinth earthquakes in Greece show an order of magnitude greater subsidence of the hanging wall relative to footwall uplift [Stiros et al., 2007] . Thrust faulting, in contrast, is expected to produce predominantly uplift of the hanging wall, as observed by Stein et al. [1988] on the White Wolf fault in California; this also was well demonstrated in the Meckering earthquake in Australia, which displaced a well-surveyed pipeline [Vogfjord and Langston, 1987] . Strong coseismic slip asymmetry is demonstrated again, with most of the displacement occurring as hanging wall displacement.
These observations imply that the flank uplift in the footwalls of normal faults (the ranges of the Basin and Range province) is not a coseismic effect. Thus, slip during normal faulting is not symmetric, as standard dislocation models for fault slip are posed [e.g., Okada, 1992] , but is instead asymmetric. We explore the implications of this in later sections using a finite element model in which asymmetric slip can be replicated and simulated.
Postseismic Observations
We rely on two summaries of vertical postseismic deformation in the central Nevada seismic belt; Gourmelen and Amelung [2005] isolated the vertical component of deformation as measured using interferometric synthetic aperture radar (InSAR) observations, and Hammond et al. [Stein and Barrientos, 1985] .
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Unlike the coseismic observations, the postseismic signature is one of broad uplift distributed symmetrically around the surface trace of the east dipping fault (Figure 2 ). The uplift rate is as high as 1.5 mm/yr averaged over the duration of measurements. Current central Nevada uplift has been modeled as postseismic relaxation in the lower crust and upper mantle that responded to stress changes induced by the 1915-1954 earthquake series [e.g., Wernicke et al., 2000; Hetland and Hager, 2003; Hammond and Thatcher, 2004; Gourmelen and Amelung, 2005; Hammond et al., 2009] . In this paper we model a combination of postseismic crustal and/or mantle flow and gravity-driven isostatic response to study the structural relief associated with normal fault slip on a variety of time scales.
Multiseismic Observations
We use the term "multiseismic" to describe effects from repeated earthquakes that cause large cumulative fault offsets. Permanent deformation of the crust resulting from large slip (>1 km) on normal faults is evident in the morphology of the Basin and Range province, where ranges are bent and tilted away from their controlling faults (Figure 3 ). Range bending and tilting is identified by measured dips of initially flat lying, preextensional stratified rocks that display a postextensional range in dip from 0°to 45°[e.g., Stewart, 1998 ] (Figure 4 ). Plastic bending of rift flanks is an expected effect of isostatic uplift from unloading of the footwall [e.g., Ebinger et al., 1991; Hassani and Chéry, 1996; Upcott et al., 1996; Thompson and Parsons, 2009] (Figure 3c ). Bending is not restricted to sedimentary rocks but is observed to involve crystalline basement rocks by small slips on myriad fractures [Compton, 1966] . Accompanying flattening of normal faults and/or changes in dip with depth is another generally observed feature of large offset normal faulting [e.g., Stewart, 1978; Buck, 1988] .
Modeling
We build a 3-D finite element model to replicate normal faulting and calculate its effects on structural topography. We define structural topography here as the relief caused directly or indirectly by slip on faults. Topographic changes caused by erosion and/or sedimentation are not simulated. The purpose of the model is to predict the topographic changes over a variety of time scales caused by fault slip, which includes isostatic uplift, tilting, bending of both the hanging wall and the footwall, and lower crustal and upper mantle flow. This model simplifies the actual process but is more realistic than the original idea proposed by Vening Meinesz [1950] . The model has a 15 km thick elastic/plastic crust overlying a 15 km thick ductile lower crust (Parsons [1995] , and references contained within) and a 170 km thick upper mantle layer ( Figure 5 ). The upper crust relaxes stress by permanent deformation including slip on faults, and the lower layers relax stress by ductile creep. There are thus no stress discontinuities on their boundaries. We use a silicic composition for the upper crust and a more mafic layer for the lower crust based on deep seismic reflection and refraction experiments recorded in Nevada [Holbrook et al., 1991] . The models are conducted with ANSYS © commercial finite element modeling software. 
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The lithospheric depth where primary strain response to upper crustal faulting occurs remains unknown. The lower crust beneath the Basin and Range province is mafic in composition, with active sill intrusions accompanying extension [e.g., Christiansen and McKee, 1978; Brown, 1987; Lucchitta, 1990; Holbrook et al., 1991; Jarchow et al., 1993; Wannamaker et al., 2008; Putirka and Platt, 2012] . The lower crust is thus expected to have low viscosity because of the associated high temperatures and possible presence of fluids. A suite of numerical and geodetic models suggests that the seismogenic crust is decoupled from the mantle because lower crustal rocks are expected to be weaker than the upper mantle at similar temperature [e.g., Harry et al., 1993; Liu and Furlong, 1994; Zeyen et al., 1997; Deng et al., 1998; Liu and Shen, 1998; Brun, 1999; Liu, 2001; Wang et al., 2009] . Other models permit a weaker lower crust but do not require one [e.g., Nishimura and Thatcher, 2003; Flesch et al., 2007] . However, modeling studies of postseismic response to the 1992 M = 7.4 Landers and 1959 M = 7.3 Hebgen Lake earthquakes find the best fit with a lower crustal layer that is stronger than the upper mantle [e.g., Pollitz et al., 2000; Freed et al., 2007; Hammond et al., 2009; Chang et al., 2013] . This rheology is also found to fit the isostatic rebound from the drying of Pleistocene-aged Lake Lahontan [Bills et al., 2007] and Lake Bonneville [Bills and May, 1987] .
A further constraint is introduced in the context of vertical displacement; the Moho across the Basin and Range province is smooth and unfaulted, with depth varying between 30 and 35 km across the province with little relief (<1-2 km) detected between adjacent basins and ranges [Klemperer et al., 1986; Brown, 1987] . An initially 60°dipping fault cuts through the upper crust and slips when the model's edges are is displaced in extension. We use the model to investigate and quantify the role of footwall unloading and lower crustal/upper mantle accommodation on the vertical change at the surface over different time scales. An important model component in the upper crust is quasi-plastic deformation by cracking that enables it to bend and deform in more realistic fashion than an unbreakable, elastic solid, which, for example, would have a very broad bending moment. Color patterns in Figure 5a show an example of relative vertical deformation caused by localized fracturing.
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This observation suggests that if significant postseismic compensation from dip-slip faults occurs in the upper mantle, then the lower crust must equilibrate over a longer time scale. We address this uncertainty by conducting models that have weak and strong lower crustal layers, as well as a variety of upper mantle rheologies.
The elastic/plastic upper crust is modeled using 8 node (including midside nodes), breakable tetrahedral elements ( Figure 5 ). The physical properties of the upper crust are taken from measurements on fully saturated Westerly granite and are described by four elastic constants: Young's modulus (E), density (ρ), Poisson's ratio (λ), and an internal friction coefficient (f) ( Table 1) . These elastic/plastic elements are engineered by ANSYS to replicate rock behavior; the elements behave elastically up to a critical stress level and then exhibit permanent deformation through cracking. This happens when the defined strength of the element [Birch, 1966; Christensen, 1996] is overcome by the calculated differential stress magnitude. Failure occurs on planes defined by the stress tensor and coefficient of internal friction for granite (μ = 0.6) [Byerlee, 1978] .
Crack formation at an element integration point is characterized by changing the stress-strain relation through definition of a plane of weakness in a direction orthogonal to the crack. Additionally, a shear strength reduction is calculated that affects subsequent loading that induces sliding on the crack plane. Multiple cracks can occur at a single integration point in response to changing stress orientations. This process is expressed by the William-Warnke failure criterion for three nontensional principal stresses as [Willam and Warnke, 1975] . The parameter f c is the material uniaxial crushing strength as derived from elastic properties, and is F is a function of the principal stresses as
The term S is defined as
where
and η is the angle of similarity which describes relative magnitudes of the principal stresses (σ 1 , σ 3 ). The parameters r 1 and r 2 are radii that are found as a function of material strength and stress to ensure that the failure surface is closed and are solved for in a system of equations constrained by that closure.
Element fracturing and accompanying plastic deformation enable the upper crustal layer to deform at scales that are consistent with real world observations. In contrast, a perfectly elastic solid can store essentially infinite stress and will bend/deflect at a width defined only by its length and bounding conditions [e.g., Watts Hansen and Carter [1983] , (4) Christensen [1996] , (5) Christensen and Mooney [1995] , (6) Caristan [1982] , and (7) Carter and Tsenn [1987] .
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because observed bending associated with the footwall and hanging wall, even on very large offset normal faults like the 9 km offset on the Surprise Valley fault, occurs over just a~10 km span [e.g., Colgan et al., 2008; Lerch et al., 2010] (Figure 4 ).
The 15 km thick lower crustal layer has properties representative of basalt-diabase composition, and the 170 km thick mantle layer has properties associated with an average of wet and dry dunite samples (Table 1) . In these two layers, differential stress σ ij is related to elastic strain ε kl through Hooke's law as
Modeled viscoelastic strain rate (ε Á ) is controlled by the creep equation as
(1-D form for simplicity) [e.g., Kirby and Kronenberg, 1987] , where A, Q c , and n are experimentally derived constants (Table 1 ) [Birch, 1966; Caristan, 1982; Christensen and Mooney, 1995; Christensen, 1996] , R is the universal gas constant, and T is temperature. Calculations in ANSYS are conducted as a matrix form of equation (5), we do not give all the solution components here for space considerations. There is not an explicit time variable in equations (4) and (5); however, the differential stress is a function of time in our models, especially after earthquake slip is imposed.
To extrapolate surface temperature to depth, we use the relation [Meissner, 1986] where z is depth, T is temperature (T 0 is the temperature at the surface), K is the thermal conductivity, γ 0 is the heat production value, which is calculated using an exponential decay law as γ = γ 0 /e (z = H) [Lachenbruch, 1968] , where H is the relaxation depth (base of the upper crust), and q* = q 0 + AH, where q 0 is surface heat flow (averages 79 mW m À2 based on four local wells) [Blackwell and Richards, 2004] . For reference and comparison with other published estimates, dynamic viscosity can be calculated from
where σ is differential stress as calculated by the finite element model.
We model slipping normal faults as initially constant, 60°east dipping cuts through the upper crust. We produce models with a single east dipping normal fault and models with two faults at a variety of spacing. The faults are deformable because they are made from zero thickness contact elements that are welded to the underlying offset crustal blocks. Contact elements function under Coulomb failure theory, which slip when CF ≡τ f þ f σ n exceeds zero. Variable τ f is shear stress resolved on the contact plane, f is the coefficient of friction, and σ n is normal stress. The role of pore fluids is neglected. The friction coefficient is arbitrarily set to f = 0.2 as we are interested in relative behaviors. There is a linear relation between the shear stress state and friction; however, we either keep faults locked, allow them to slip at steady state to replicate multiseismic slip, or induce instantaneous seismic slip of prescribed amounts by moving the two-fault walls by a defined offset. Thus, the friction coefficient is not influential. The faults exist in the upper and lower crust but can be locked and prevented from slipping depending on modeling choices.
The top of the model is unconstrained (free surface) and starts out with no relief. The northern and southern boundaries cannot move in the north-south directions but are allowed to deform in all other directions. The model base can move horizontally but not vertically. The base is sufficiently deep (200 km) to avoid affecting the shallower parts of the model, and it is kept in thermal equilibrium. No other limits are prescribed other than gravitational loading and defined earthquake slip for some applications.
The model is initiated by stretching it symmetrically over incremental displacement of the western and eastern edges until it is extended by 10%. Extension of the upper crust occurs mostly through displacement of the normal fault(s), though a small fraction happens through plastic strain (cracking). For the initial period we do not simulate individual earthquakes but instead allow the fault(s) in the models to slip (creep) continuously. The idea is to condition the stress in the crust and mantle to approximate that of a long-lived extensional system like the Basin and Range province.
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Model Results
Coseismic Deformation
We model coseismic elevation change by subjecting the east and west model edges to symmetrical extensional displacements, the entire model to gravity, and allowing the normal fault to slip freely. We note that the initial (coseismic) displacement in the model is entirely hanging wall subsidence, and no footwall change. This is consistent with observations made by Whitten [1957] as interpreted by Meister et al. [1968] (Figure 6 ). We find this model result in the short term before isostatic and postseismic effects can manifest as footwall uplift and broader flexure. We are not able to match observations perfectly, particularly the sharp (5 km wide) downward deflection of the hanging wall, which we suspect may be in part due to sympathetic slip on subsidiary faults in the hanging wall that were offset after the Dixie Valley and Fairview Peak earthquakes [e.g., Caskey et al., 1996] . We think that the most important result here is that there appears to be a physical basis (gravity) for asymmetric coseismic slip on normal faults, with slip comprised entirely of hanging wall subsidence. Additionally, this initially asymmetric slip in the upper crust has implications on the underlying lithosphere.
Coseismic deformation affects the lithosphere beneath the seismogenic crust in two ways: (1) extension of the crust pulls the hanging wall away from the footwall, and (2) the hanging wall collapses downward (Figure 7) . The mass that is pulled away from the fault zone is transferred to the surrounding region as a slight compressional increase in density accompanying strain release. The unweighting stress on the footwall from a 1 m slip event (in 2-D) is estimated to be 70.1 MPa distributed over a line orthogonal to and beneath the fault (~8.7 km long for a 60°dipping fault that crosses the 15 km thick upper crust). Additionally, slip on the upper crustal fault imposes a static Coulomb stress increase on a theoretical extension of the normal fault into the lower crust of 0.06 MPa if a friction coefficient of μ = 0.2 is assumed (Figure 7 ). These stress values represent effects from a single earthquake. We explore the results of these applied forces by modeling postseismic deformation in the next section.
Postseismic Deformation
Many authors have already created models that replicate the geodetic postseismic signal from central Nevada earthquakes [e.g., Wernicke et al., 2000; Hetland and Hager, 2003; Hammond and Thatcher, 2004; Gourmelen and Amelung, 2005; Hammond et al., 2009] . However, for our model to have validity in explaining short-term coseismic and long-term multiseismic observations, we feel it must also at least be consistent with intermediate-term postseismic data. Further, since we use a 3-D finite element approach with an elastoplastic upper crust, we are curious how well this type of model can fit postseismic observations and whether it can provide additional insights. We focus on the 1954 M = 6.5 Dixie Valley earthquake for postseismic study because it was a pure normal fault earthquake, whereas the Fairview Peak earthquake was oblique with about equal amounts of dextral and normal slip [e.g., Caskey et al., 1996] . The Dixie Valley quake is associated with a more obvious vertical geodetic signal as well (Figure 2 ).
We note an apparent consensus toward the "Crème Brule" model of the Earth [e.g., Bürgmann and Dresen, 2008] , which has a stronger lower crust than upper mantle. This type of model yields a better fit to postseismic deformation in the Basin and Range province [e.g., Pollitz et al., 2000; Wernicke et al., 2000; Hetland and Hager, 2003; Hammond and Thatcher, 2004; Gourmelen and Amelung, 2005; Freed et al., 2007; Hammond et al., 2009; Chang et al., 2013] . We therefore anticipate a better fit with a strong lower crust, but we do test cases with a weak lower crust and find that they cannot reproduce the breadth of postseismic uplift (Figure 8a ). . Model results showing coseismic contributions to extensional topography, which is almost completely restricted to hanging wall subsidence. The modeled elevation change (yellow dots) does not match the observed in the hanging wall because, while it does have internal fracturing that enables bending, it lacks the more continuous, subsidiary faults that broke in the hanging wall during the Dixie Valley and Fairview Peak earthquakes [e.g., Caskey et al., 1996] . The modeled earthquake has 1 m of coseismic slip, whereas the Dixie Valley earthquake had unusually large (1.4 m) coseismic subsidence measured at the surface for a M = 6.5 earthquake.
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Our model does not spontaneously produce large stick-slip earthquake events. We therefore simulate the M = 6.5 Dixie Valley earthquake by enforcing 1 m of hanging wall subsidence as asymmetric slip on the upper crustal fault, which is a compromise between the predicted 0.44 m of slip based on the regressions of Wells and Coppersmith [1994] and the~1.4 m of observed coseismic slip at the surface (Figure 1) . We then compare vertical deformation rate (mm/yr) at t = 60 years postearthquake at nearest model nodes to locations of GPS measurements (Figure 8 ) for a variety of upper mantle viscosities that range from μ = 10 16 Pa Á s to μ = 10 20 Pa Á s. Locations are approximate because our modeled fault is perfectly straight, whereas the Dixie Valley fault is curved (Figure 8 ). We cannot recover reliable results at every model node because some of the elements have fractures with offsets that produce localized surface deformation. We run models with a locked lower crustal fault and others with the fault allowed to replicate afterslip/shearing.
We find that models with a strong lower crust (μ = 10 25 ) and weaker upper mantle (viscosities between μ = 10 18 Pa Á s and μ = 10 19 Pa Á s) fit the range of GPS observations best (Figures 8c and 8d ), which is in broad agreement with other studies [e.g., Pollitz et al., 2000; Wernicke et al., 2000; Hetland and Hager, 2003; Hammond and Thatcher, 2004; Gourmelen and Amelung, 2005; Freed et al., 2007; Hammond et al., 2009; Chang et al., 2013] . We do, however, require that the lower crustal fault be able to slip after the earthquake; otherwise, there is not enough displacement from the base of the lower crustal layer into the mantle to initiate flow there. Our model has node spacing on the order of 1-5 km depending on the local geometry, meaning that afterslip could either represent slip on a discrete plane or a shear zone that could be a few kilometers wide.
Surface postseismic deformation in our models is a response to mantle flow induced by the coseismic unweighting of the footwall and lower crustal shear. This causes a rapid isostatic response that is focused mostly under the footwall of the fault (Figure 9a ). By 60 years after the earthquake, the model 
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shows some subsidence under the hanging wall along with a migration of uplift to the west of the fault (Figure 9c ). The strong lower crust causes the surface manifestation to be broad uplift on both sides of the fault with slightly more uplift on the west side (Figures 2, 8 , and 9b).
Postseismic response is transient deformation that diminishes with time. We therefore calculate crustal and mantle deformation rates at additional time steps of 100 years and 150 years postearthquake to see model predictions on its future evolution. At 100 years postearthquake, deformation is lower magnitude than at 60 years ( Figure 9c ) and almost entirely directed upward but concentrated to the west beneath the footwall (Figure 10a ). After 150 years, the model predicts transient deformation to be essentially completed (Figure 10b ).
While the present-day geodetic signal has a broad, relatively consistent uplift of both the footwall and hanging wall (e.g., Figures 2 and 8) , the morphology of a range front shows uplift, tilting, and bending of the footwall (Figures 3a and 4) . We are curious when this preserved deformation occurs and look to the model for potential answers. Tracking the time history of deformation in the model demonstrates that rapid uplift focused under the footwall happens shortly after the simulated earthquake, particularly during the first 10 years (Figures 10a  and 11 ). This is an expected model result because strain rate (ε Á ) depends exponentially on differential stress (σ) per equation (2). Thus, the period just after the strong stress change (Figure 7 ) from slip on the fault would lead to high mantle strain rates. The 10 year period is also the duration of a typical Omori law aftershock decay [e.g., Parsons, 2002] that also takes an exponential form. Tiny aftershocks as small as M À6 have been created in et al., 2014] , meaning that the plastic bending of crystalline footwall rocks might take place as small shear-fracture aftershocks shortly after the primary faulting event.
We cannot confirm rapid footwall uplift with geodetic measurements for the Dixie Valley earthquake because no short-term GPS or InSAR measures are available. The uplift rates we calculate are also dependent on the state of stress in the crust and mantle just prior to the earthquake (which are unknown in the real Earth), so we give more credence to the relative elevation rate change curves versus time than to their absolute magnitudes.
Multiseismic Deformation
Primary long-term observations associated with rift zones include uplift, tilting, and bending of the footwall [e.g., Vening Meinesz, 1950; Heiskanen and Vening Meinesz, 1958; Stewart, 1978; Ebinger et al., 1991; Upcott et al., 1996] . Observed short wavelength (~10 km) [e.g., Duffield and Weldin, 1976; Colgan et al., 2008] anelastic [Compton, 1966] bending requires use of an elastic/plastic representation of the upper crust in our models. We find excellent agreement with an observed width of bending (9.1 km versus~10 km) at the Warner 
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Range as constrained by Colgan et al. [2008] (Figure 12 ) if we use default physical properties for granite in our models (Table 1) . In the example shown in Figure 12 , the fault slipped a cumulative 4 km and produced a 1.5 km net uplift of the footwall. We do not find variation in the bending width as a function of fault offset, because this width is primarily controlled by the rheology of the underlying layers as they respond to isostasy, and the fault dip controls the width of the unweighted zone.
While the bending width is not found to be a function of fault offset, the degree of tilting/bending of the footwall is. We systematically add extensional displacements to the model edges, which have the effect of gradually increasing cumulative normal fault slip. The model then produces a roughly linear relationship between fault displacement and average inclination of the footwall (Figure 13 ). We compare our calculations with observations of footwall inclination compiled by Stewart [1978] and independent uplift and fault slip determinations (mostly from thermochronology) for a variety of normal faults in the Basin and Range province including the Teton fault [Byrd et al., 1994] , the Panamint fault [Bryant, 2000] , the Wasatch Front [Ehlers et al., 2003] , the White Mountains [Stockli et al., 2003] , the Cortez Mountains (Crescent fault) [Friedrich et al., 2004] , the Jackson Range, the Santa Rosa Range, the Pueblo Mountains [Colgan et al., 2006] , and the Warner Range [Egger and Miller, 2011] . We plot the inclination and offset observations against each other in Figure 13 , and while it is not certain if they represent a linear relationship, they are consistent with the range of calculated values, with a clear dependency between degree of inclination and fault offset.
We consider two possible causes of footwall inclination, bending and block rotation. We model this behavior with a pair of normal faults to test the idea that the footwall block may rotate. However, we find that there is Present-day GPS observations are shown as blue dots with error bars. Uplift is calculated to be concentrated beneath the footwall at shorter times after the earthquake (see also Figure 9a ). (b) The calculated short-term deformation, which predicts high uplift rates during the first~10 years after the earthquake. By 60 years after the earthquake, calculated rates are close to observed GPS rates. We think this fast uplift, if it occurs in the real Earth, is primarily responsible for footwall bending/tilting. Figure 12a shows that most of the bending occurs in a narrow zone about 10 km wide, which is replicated closely by the model with a 9.1 km wide bending region. This is possible to replicate in the model because the upper crust is composed of crackable elements that show (c) tensile cracks distributed throughout the volume that result from extensional stress, and more intense fracture density adjacent to the fault that enables sharp bending.
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virtually no difference between calculations with a single fault versus two faults (compare the red and blue lines in Figure 13 , which represent the two-fault (40 km spacing) and single-fault models, respectively). However, more closely spaced faults (<3 km) than we can model effectively are observed to rotate on progressively flattening planes that are in turn cut by new steeper faults [e.g., Proffett, 1977] . Additionally, it appears from geologic mapping in the Basin and Range province [Stewart, 1998; Stewart et al., 2003 ] that narrower range blocks (<10-15 km) tend to have more uniform inclination than do wider blocks, which exhibit bending. These observations are consistent with our modeled~10 km width of footwall bending because blocks of this width or less are too narrow to bend.
We note a confirmatory observational case from northwest Nevada, where two ranges lie about 25 km apart; the Nightingale on the west is bounded by a west dipping normal fault, and the Sahwave Range to the east is bounded by an east dipping normal fault ( Figure 14) . Detailed mapping by Van Buer [2012] shows that the two ranges are actually a single, mostly unfaulted crystalline block that has been bent into a syncline (Figure 14) . There is about 2-3 km of upwarp across the syncline, depending on the amount of erosion that has taken place. Thus, in this case, all footwall inclination resulted from bending (again at 10 km width), with effectively zero block rotation.
Another observed consequence of isostatic deformation of the footwall in normal fault systems is a decrease in the fault dip [e.g., Stewart, 1978] . In Figure 15 , we plot the calculated flattening of a normal fault as a function of offset. This relationship is slightly nonlinear in the models, whereas the average inclination change is linear ( Figure 13 ). This is because most of the deformation occurs within 10 km of the fault plane and diminishes significantly with distance, and the average inclination is less sensitive to offset than is fault plane deformation. The model suggests that faults could have relatively low angles (~35°-40°) with very large (~10 km) offsets and agrees with observations at the Warner Range where an initially 55°-60°dipping fault now has a~35°dip after~8 km of offset [Lerch et al., 2010; Egger and Miller, 2011] .
A consequence of trying to fit observations across all time scales in our models is that we encounter trade-offs that require some compromises. For example, to match footwall bending, we must allow the upper crust to fracture. This in turn makes fitting postseismic geodetic observations at every point more difficult because the precise fracturing locations are somewhat random. Similarly, the requirement that the lower crust must be stronger than the upper mantle to fit postseismic observations means that our long-term models develop some Moho topography (Figure 16 ). The models do not allow for enough lower crustal flow beneath the ranges to completely equalize footwall uplift over the modeled duration. Generally, it does appear that a stronger lower crust is necessary in long-term models to fit the isostatic rebound from the drying of Pleistocene-aged Lake Lahontan (μ = 10 20 Pa Á s [Bills et al., 2007] ) and Lake Bonneville Figure 13a show observed tilting as compiled by Stewart [1978] plotted against independent uplift and fault slip determinations (mostly from thermochronology) for the Teton fault [Byrd et al., 1994] , the Panamint fault [Bryant, 2000] , the Wasatch Front [Ehlers et al., 2003] , the White Mountains [Stockli et al., 2003] , the Cortez Mountains (Crescent fault) [Friedrich et al., 2004] , the Jackson Range [Colgan et al., 2006] , the Santa Rosa Range [Colgan et al., 2006] , the Pueblo Mountains [Colgan et al., 2006] , and the Warner Range [Egger and Miller, 2011] . We note a reasonable agreement between modeled and observed isostatic bending/tilting as a function of fault offset.
Journal of Geophysical Research: Solid Earth (μ = 10 22 Pa Á s [Karow and Hampel, 2010; Bills and May, 1987] ). These values are lower than the strong and/or fully elastic lower crustal layers employed for postseismic modeling of vertical deformation [e.g., Nishimura and Thatcher, 2003; Gourmelen and Amelung, 2005] as well as the μ = 10 25 Pa·s value we used. Therefore, it is possible that a time-dependent rheology might be in effect such that over the very long time frame (10 5 - 10 6 ) years the lower crust is less viscous than it is in the postseismic period (10 1 -10 2 years). For example, localized magmatic intrusions could cause this effect.
Given that a creep rheology can be stress dependent (equation (5)), it might be expected to vary over single and/or multiple seismic cycles, since slip on a fault can alter the surrounding stress field [e.g., Yamashina, 1978; Das and Scholz, 1981; Stein and Lisowski, 1983] . We note in our long-term models that a region extending about 50-60 km on either side of our modeled normal fault has increased horizontal least stress resulting from slip on the fault (Figure 17) . A differential stress decrease like this would have the effect of increasing mantle/lower crustal viscosity and inhibiting crustal normal faulting, particularly immediately after an earthquake. Thus, the lithosphere may behave more rigidly during the immediate postseismic period than it does averaged over multiple cycles.
Conclusions
We attempt to unify the variety of vertical deformation observations surrounding the normal faulting process with one numerical model. The observations can be confusing because shorter-term coseismic and longer-term Figure 16 . A consequence of long-term slip on a normal fault system with a relatively strong lower crustal layer is that the Moho boundary is subject to deformation. A strong lower crust is necessary to model postseismic deformation (Figure 6 ). In this example the normal fault has~4 km of offset that leads to~0.7 km of relief on the Moho, which is below the resolution of seismic observations [e.g., Klemperer et al., 1986; Brown, 1987] . There may be time-dependent lower crustal rheology that allows long-term flattening of the Moho, and/or it is magmatically intruded. Figure 17 . Calculated distribution of horizontal (directed east-west) least principal stress magnitude resulting from long-term slip on a normal fault (red lines) under imposed regional extension. We find a region of persistent least-stress increase that extends~50-60 km on either side of the fault, where the crust should be resistant to additional normal faulting, and the lower crustal and upper mantle viscosity increased.
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postseismic observations are at odds with each other and observed topography. Coseismic deformation occurs as asymmetric fault offset, with nearly all movement expressed as subsidence of the hanging wall. A few decades later, postseismic geodetic data reveal broad, symmetric uplift of both the footwall and hanging wall. The long-term geologic and topographic signature of rifting has sharply bent flanks lifted high above intervening basins.
A simple finite element model can explain these time-dependent features provided it is subject to gravity and has the following components: (1) an elastic upper crustal layer that can undergo permanent deformation (by cracking in our case), (2) a thermally creeping lower crustal layer that is stronger than the upper mantle layer beneath it, and (3) a dipping fault that cuts through the elastic crust and is underlain by an extension through the lower crust that simulates a shear zone or other narrow region of enhanced deformation.
In the model, the following sequence of events occurs in response to applied tectonic extension.1. Stretching the model from its ends causes the hanging wall to pull away from and then subside along a dipping normal fault ( Figure 6 ). The footwall stays relatively stable during this coseismic period.2. The model cannot generate stick-slip behavior by itself, so we impose an earthquake with asymmetric slip. Simultaneous unweighting of the footwall and static stress imposed on a lower crustal shear zone beneath the normal fault cause focused uplift of the footwall (Figure 7 ). During this time (~first 15 years after the earthquake) we see stresses imposed that lead to the sharp (~10 km wavelength) bending of the footwall crest (Figures 9a and 11 ).3. By 50-60 years after the earthquake, uplift is less focused but is still mostly concentrated beneath the footwall (Figures 9b and 9c) . A relatively strong lower crust causes this to manifest at the surface as a broad upwarp that affects the hanging wall also (Figure 8 ), and with lower crustal shearing having exhausted its contribution.4. Modeling of repeated faulting episodes over millions of years leads to the high-magnitude bending (Figures 12 and 13 ) of the footwall by isostatic forces. The initially 60°dipping normal fault gradually reduces its dip to lower angles (35°-40°) with high (~10 km) cumulative slip amplitudes ( Figure 15 ).
In summary, the model predicts that the permanent vertical deformation we associate with the long-term topographic signature of rifting occurs shortly (1-2 decades) after each earthquake in a narrow zone under the footwall. The intermediate-term (5-20 decades) postseismic deformation has a much longer wavelength (hundreds of kilometers) and lower amplitude such that it is not so obviously imprinted on the landscape.
A numerical model is necessarily a simplification of the real Earth. We anticipate deviations from our model results in the real world. The fault plane in the model is smooth and straight relative to observed normal faults, and the extension of this fault into the lower crust oversimplifies what is likely a more complex and possibly broader deformation zone. Therefore, we might anticipate a more muted, variable, and possibly delayed postseismic uplift in the footwall and subsidence of the hanging wall than the model predicts. Further, while our simulation of the upper crust as a crackable solid is more realistic than an unbreakable elastic layer, it lacks the ability to form long faults that can concentrate deformation.
